Abstract The Woodlark seafloor spreading center is propagating westward into the Australian plate near the D'Entrecasteaux Islands (DI), Papua New Guinea, generating an active transition zone from continental rifting to seafloor spreading. From March 2010 to July 2011, we deployed 31 on-shore and 8 offshore broadband seismic stations around the DI region, to explore the dynamic processes of the lithosphere extension and the exhumation of the high-pressure terranes exposed on those islands. We measure the multiband (10-60 s) Rayleigh-wave phase velocities from both ambient noise and earthquake signals. These measurements are then inverted for a three-dimensional shear-velocity model for the crust and upper mantle. The results indicate that the lithosphere extension is localized near the rift axis beneath the DI, with a shear-velocity structure in the upper mantle that is similar to mid-ocean ridges. Beneath the Kiribisi Basin west of DI, an ultraslow shear-velocity anomaly ($4.0 km/s) is observed at shallow mantle depth (30-60 km), which can be interpreted either by the presence of excess partial melt due to slow melt extraction, or by the existence of felsic crustal material buried to mantle depth and not yet exhumed.
Introduction
The D'Entrecasteaux Islands (DI) of Papua New Guinea locate on the axis of the Woodlark rifting system, which is an active transition zone from continental rifting to seafloor spreading (Figure 1 ) [e.g., Taylor et al., 1999; Ferris et al., 2006] . These islands expose the high-pressure (HP) metamorphic terranes bearing the youngest-known ultrahigh-pressure (UHP) coesite eclogite [Monteleone et al., 2007; Zirakparvar et al., 2011] . The burial of these HP/UHP rocks is thought to have occurred during the Cenozoic arc-continent collision between the Australian Plate and the Papua New Guinea mainland [e.g., Lus et al., 2004] , and they remained at mantle depth until being rapidly exhumed to the surface over the last 5-8 Ma at plate-tectonic rates [e.g., Baldwin et al., 2004 Baldwin et al., , 2008 Gordon et al., 2012] . The exhumation of the UHP rocks is coeval with the local extensional tectonic environment [Taylor et al., 1999] .
The exhumation process occurs on the axis of the Woodlark Rift, synchronous with its westward propagation [Baldwin et al., 1993; Monteleone et al., 2007] . The slab pull from the Solomon Sea plate subduction at the New Britain Trench creates a strong extensional environment that favors the exhumation of UHP rocks. There are two competing models to explain the exhumation process in this area: subduction reversal that extracts UHP rocks along the paleosubduction channel as a low-angle unroofing process [Hill et al., 1992; Webb et al., 2008] , or thinning of overlying crust that allows penetration of buoyant continental rocks to the surface as diapirs Little et al., 2011] .
A numerical modeling study of the diapiric unroofing process requires extremely buoyant crustal bodies and extensive partial melt in the crust and upper mantle . The sporadic volcanism observed across the region may imply the existence of partial melting in upper mantle, with the magmatic composition indicative of subduction enrichment [e.g., Smith and Davies, 1976; Martinez and Taylor, 1996; Taylor and Huchon, 2002] . The presence of the high-density Papuan Ultramafic Belt (PUB) within the Papuan Peninsula (Figure 1 ) [Davies and Warren, 1988] , potentially overlying lower-density continental crust, provides a possible source of gravity instability to fuel diapir extrusion [Martinez et al., 2001 ].
The youngest high-grade metamorphic rocks locate at Goodenough Island, the western-most of the DI [Monteleone et al., 2007] . At the Kiribisi Basin west of Goodenough Island, where potential UHP exhumation may occur in the future, little localized surface extension can be observed in the geology and stratigraphy offshore [Fitz and Mann, 2013] , while up to 100-140 km extension is required by the far-field plate motion in the last 6 Ma [Taylor et al., 1999; Goodliffe and Taylor, 2007; Eilon et al., 2014] . A recent GPS study reveals that most of the current extension is compensated at the normal faults around the DI and at the Mai'iu fault on the Peninsula [Wallace et al., 2014] . Although the mantle deformation estimated from seismic anisotropy suggests a broad mantle flow field , localized lithospheric extension is observed in the eastern DI [Abers et al., 2002; Eilon et al., 2015] . The mantle seismic velocity (and inferred lithospheric geometry) and crustal thickness beneath the Kiribisi Basin are important observations to evaluate the lithospheric extension.
From March 2010 to August 2011, 31 land-based broadband stations (Guralp CMG-3T with 120 s-corner sensors) and 8 ocean bottom seismometers (OBS, Trillium 240 with 240 s-corner seismometers) were deployed with a station spacing $25 km, to cover a 2.58 3 2.58 area centered at Goodenough Island (Figure 2 ). We perform surface-wave tomography on the collected data and provide a seismic shear-velocity model to reveal the possible distribution of temperature, melt, and compositional anomalies in the crust and the upper mantle, and their possible roles in the UHP unroofing. We find that the mantle extension is localized along the rift axis, and ultraslow shear velocity in the upper mantle beneath the Kiribisi Basin implies the potential existence of partial melt and/or felsic crustal material.
Methodology and Data
We image the crust and mantle to approximately 90 km depth in the region using Rayleigh waves derived from a combination of ambient noise and teleseismic earthquakes. Ambient noise and earthquake-based Rayleigh-wave tomography are highly complementary, in that ambient noise is ideally suited to relatively short periods, while teleseismic Rayleigh waves generally constrain longer periods. In detail, the two sources must be processed separately, but the resulting maps of phase velocity are generally compatible at Eilon et al. [2014] , modified after Baldwin et al. [2008] ). Yellow and green circles are Euler poles for the Woodlark plate (WLK) relative to the Australia plate (AUS) from 6.0 to 0.5 Ma [Taylor et al., 1999] and present-day rotation [Wallace, 2004] , respectively. Red arrows show the current motions of WLK with respect to AUS given by the GPS measurements [Wallace, 2004] . Oceanic crust shown by gray shading, Brunes chron indicated by white-dashed line, and the recent shift in tectonics is evident from the obliquity of present spreading ridges to magnetic isochrons. common periods [e.g., Yang and Ritzwoller, 2008; Foster et al., 2014; Jin and Gaherty, 2015] . In this study, they can be combined to provide phase-velocity dispersion curves from 10 to 60 s. Here we summarize the analyses utilized to extract phase velocity from each type of data.
Ambient Noise Tomography
We use ambient noise signals to obtain Rayleigh-wave phase velocities at high frequencies (T < 20 s). To estimate phase velocity, we apply the measurement in the frequency domain to minimize the limitation of short interstation distance at long periods [Aki, 1957; Ekstr€ om et al., 2009; Calkins et al., 2011] . The stacked cross-spectrum q between two vertical records separated by distance r can be represented as:
where a m ðxÞ are the cylindrical harmonic coefficients of the source azimuthal density function, J m are the Bessel functions of the first kind, and cðxÞ is the frequencydependent phase velocity [Cox, 1973] . If the source distribution is homogeneous, the only nonzero term of a m is a 0 51. The cross-spectrum q can be rewritten as [Aki, 1957]: qðr; xÞ 5 J 0 xr cðxÞ ;
In reality, the source distribution may not be azimuthally isotropic, which causes the imaginary part of the cross-spectrum to be nonzero [Cox, 1973] . However, this problem can be minimized by properly normalizing the data [Bensen et al., 2007] . We can therefore approximate the real part of the cross-spectrum as:
by ignoring the higher order terms of harmonic expansion [Ekstr€ om et al., 2009] .
We apply this analysis to the continuous broadband vertical-component records, which are down-sampled to 1 Hz and then divided into hour-long segments. After removing the instrument responses, we normalize the traces by applying the running-absolute-mean technique in the time domain to eliminate the effects of large earthquakes [Bensen et al., 2007] . Then the normalized cross-spectrum is calculated by stacking the hourly coherency spectrum [Ekstr€ om, 2013]:
where U i and V i are the Fourier transform of the ith time-segment records of two stations.
The cross spectra qðxÞ can be transformed back to the time domain to examine the data quality. Figure 3 shows the stacked cross spectra in the time domain after two different band-pass filters. Clean Rayleighwave Green's functions can be observed in the period band 10-20 s. The data quality is low at higher frequency band (6-9 s), with asymmetric waveforms and high noise level. This is probably caused by uneven distribution of the secondary microseismic sources [e.g., Stehly et al., 2006; Tian and Ritzwoller, 2015] . Geochemistry, Geophysics, Geosystems denoting the frequency of the nth zerocrossing and z n representing the nth zero of J 0 , the phase velocity c at x n can be represented as:
This technique is robust but can still have problems with short-path station pairs, since phase velocities only at zero-crossing frequencies can be measured, and other parts of the dispersion curve have to be interpolated. This issue is particularly important in this study, in which the array's aperture is small. By assuming an average phase velocity of 3.2 km/s, the zero-crossing intervals of J 0 being close to p, and a frequency band ranging from 0.04 to 0.15 Hz (6-20 s), the expected number of zero crossings is:
where r is in km. For the station pairs with interstation path shorter than 70 km, which comprise 30% of all the possible station pairs in this study, only 4-5 data points can be retrieved to constrain the entire dispersion curve.
In order to better estimate phase velocities from the short-path station pairs, we instead fit the entire crossspectrum waveforms in the frequency band of interest via a nonlinear least square inversion. Equation (3) can be rewritten as:
Re qðr; xÞ ð Þ5 J 0 xr cðxÞ 5 J 0 xtðxÞ ð Þ;
where tðxÞ5r=cðxÞ is the phase-delay time (or travel time) between the two stations, and is the unknown variable to be determined. We invert for tðxÞ by minimizing the penalty function e 2 defined by: X is a step function, with Xðx ! 0Þ51 and Xðx < 0Þ50, and a is a scaling factor to match the amplitude of J 0 with the observation, which is recalculated in each iteration.
The penalty function e 2 has three components. The first term on the right-hand side is the misfit of the predicted Bessel function to the observation, the second-term quantifies the smoothness of dispersion curve, and the third-term forces the dispersion to be ''normal'' within the frequency band, i.e., requires the phase velocity to be slower at higher frequency. The constants a and b are the coefficients that control the weighting of the damping terms. During the inversion, the dispersion curve is down-sampled to 5.5 mHz to decrease the number of unknowns. Examples of the Bessel function fitting can be seen in Figure 4 . The interstation paths between the station MAYA and the OBS D to the station AGAN are overlapping, and their average dispersion is very similar (Figure 4 , right). The discrepancies at long periods are caused by the large Bessel function misfit of the land-OBS pair at low frequencies, probably due to the lower SNR. The OBS-OBS pairs in general have very low SNR for this data set, especially for the frequencies higher than 0.08 Hz (12.5 s). They only provide 7% of the measurements, and are omitted from subsequent inversions.
The phase travel times between 496 station pairs with more than 2000 h of cross-correlation time and high SNR are selected to invert for the 2-D phase-velocity maps at different frequencies. We adopt the ray-theory tomography, and weight each measurement based on the misfit of the Bessel-function fitting and the number of time segments being stacked. Only the station pairs with interstation distances between one and six wavelengths of the Rayleigh waves are included in the tomographic inversion. We apply a smoothness damping by minimizing the second-order gradient of the phase velocities. The phase-velocity maps are generated at 8 periods from 10.2 to 17.4 s. A checkerboard test (see supporting information) shows that anomalies larger than $40 km can be well retrieved. Examples of the phase-velocity maps from the ambient noise analysis are shown in the first row of Figure 6 .
Earthquake Helmholtz Tomography
We use teleseismic surface waves to estimate Rayleigh-wave phase velocities at low frequencies. In this study, we adopt the automated surface-wave measuring system (ASWMS) developed by Jin and Gaherty [2015] to retrieve the 2-D phase-velocity maps.
The ASWMS measures the phase variations between nearby stations by calculating the multichannel crosscorrelation functions C i ðtÞ between vertical-component records, which can be summarized as:
where S 1 and S 2 are the seismic records from two nearby stations, W S is the window function applied only on the station 2 waveform to isolate the phase of interest (Rayleigh wave in this study), ''*'' is the convolution operator, ''?'' is the cross-correlation operator, W c is the window function applied on the crosscorrelation waveform to further isolate the coherent signal generated by fundamental Rayleigh waves, and F i is the ith narrow band filter with the central frequency x i . C i ðtÞ is then fit by a five-parameter wavelet defined as:
where the two important variables are the group delay t g and the phase delay t p between the two stations, while Ga is the Gaussian function, A is a positive scale factor, r is the half-bandwidth, and x is the center frequency of the narrow-band waveform.
The phase delay t p is then corrected for cycleskipping and bias generated by the window functions. We define the corrected phase delay as ds p . In most cases, there is only subtle difference between t p and ds p .
We retrieve the corrected phase delays ds p from all nearby station pairs within 200 km, and use these measurements to invert for the phasevelocity maps. The Eikonal tomography method [Lin et al., 2009 ] is modified to adapt to the irregularly spaced arrays . The phase delay ds p between two stations is written as:
wherer 1 andr 2 are the location vectors of the two stations, andSðrÞ is the slowness vector field to be solved. The slowness vector field is inverted independently for each event, and the apparent phase velocity can be obtained from the length of the slowness vector: c 0 51=jSðrÞj.
We then use the amplitude measurements to further correct the phase-velocity maps obtained from the Eikonal tomography. The amplitudes are measured using the auto-correlation functions that are similar to the definition of equation (9), except S 1 is substituted for S 2 . The auto-correlation function is then fitted via equation (10), and the scale factor A is a good approximation of the power spectrum amplitude at the center frequency x i .
The amplitude measurements are used to correct the Eikonal phase velocity c 0 for the effect of multipathing via the Helmholtz equation [Lin and Ritzwoller, 2011 
where cðrÞ is the corrected (structural) phase velocity and AðrÞ is the amplitude field. We retrieve individual structural phase-velocity maps for each event, which are then averaged to obtain the final phase-velocity maps at each frequency.
From March 2010 to June 2011, a total of 93 earthquakes with magnitudes larger than 6.0, source depths shallower than 50 km, and epicentral distances from 208 to 1408 are selected. The azimuthal distribution of the events is shown in Figure 5 . The azimuthal distribution of events is not even, since a large number of eligible earthquakes are from the NNW direction. Eilon et al. [2014] report strong azimuthal anisotropy existing in this area. This uneven-distribution of back azimuths may induce some bias in the phase-velocity measurements, which is further discussed in section 3.2.3. The phase velocities obtained using the Helmholtz tomography method is shown in the lower row of Figure 6 .
Shear-Velocity Inversion
We utilize the phase-velocity maps to construct a three-dimensional (3-D) shear-velocity model for the region. At each pixel, dispersion curves are retrieved from the phase-velocity maps, and then inverted for 1-D shear-velocity model. This inversion is known to be strongly dependent on choice of a starting model. In order to minimize and evaluate the effect of the dependence, we develop a strategy that can be divided into three steps: a grid-search for the best initial model, a random perturbation on the best model to generate a large initial model set, and iterative nonlinear least squares inversions to get the final model distribution. The final models from the random initial models are averaged to get the final result.
First, we search through a range of parameters to find a good starting model at each pixel. In this step, the model space is simply divided into three layers: a shallow layer representing sediment or shallow most crustal rocks, a crustal layer with the thickness constrained by the preliminary receiver-function results [Abers et al., 2012; Obrebski et al., 2014] , and a half-space layer underneath representing the mantle. The receiver function analysis is based on the H-j stacking approach [Zhu and Kanamori, 2000] to estimate the Moho depth at each station location. These Moho depths are preliminary, but provide a good estimation of first-order crustal thickness variation in the area. We use a minimum-curvature surface fitting to produce a continuous Moho-depth variation across the array.
For each pixel, we search through various shallowlayer thicknesses, crustal velocities, and mantle velocities to find the best three-layer model, which provides the minimum misfit to the observed dispersion curve. The parameter space being searched through is listed in Table 1 . In order to evaluate the effect of initial model dependency on the resulting model, we randomly perturb the best initial models found in the previous step. At each pixel, all the model parameters are perturbed within a certain range to generate a large set of initial models.
The maximum perturbations for the model parameters are: 30% for shallow-layer velocity, 10% for crust and mantle velocities, 5 km for crustal thickness, and 1 km for shallow-layer thickness. For each pixel, we generate 100 random initial models to feed into the later inversion.
We utilize the program surf96 [Herrmann and Ammon, 2004; Herrmann, 2013] to invert for detailed 1-D structures of the crust and upper mantle. This program iteratively perturbs the shear velocity of each model layer to fit the observed dispersion curve at a given pixel using an iterative least squares approach. We divide the crust (without the shallow layer) of initial models into four layers with even thickness, and the mantle into 10 layers with a thickness of 10 km. At each iteration, a smoothness damping is applied to the shearvelocity perturbations in the crust and in the mantle separately (no smoothing is applied across the Moho). This procedure ensures the smoothness of final model, while maintaining the velocity discontinuity across Moho if it is required by data.
The nonlinear least squares inversion is performed on the 100 initial models generated in the previous steps at each pixel. Final models with large misfits are discarded (20% larger than the average misfits), with the rest being selected to estimate the mean and standard deviation of the shear velocities at a certain depth.
Results

Phase Velocity
Phase-velocity maps of selected periods are shown in Figure 6 . In general, phase velocities at higher frequencies are more sensitive to shallower structures. In detail, the sensitivity is highly dependent on the velocity structure. For general earth structure, the peak sensitivity depth is approximately one-third of the surfacewave wavelength.
The highest frequencies (10-15 s) are primarily associated with variation in crustal velocities, including the possible effect of thick sediments in the Trobriand Platform [Fitz and Mann, 2013] . The 17 and 20 s phasevelocity maps correlate well with the Moho topography from the preliminary receiver-function results (Figure 7 ), as the Moho depth variation in the region (20-40 km) [Abers et al., 2002 [Abers et al., , 2012 Obrebski et al., 2014] corresponds to the peak Rayleigh-wave sensitivity at these periods ( Figure 8 ). For regions with thinner crust (for example, Fergusson and Goodenough Islands), more mantle rocks are sampled and therefore the phase velocity is higher. The consistency between the two Figure 7 . Crustal thickness from the receiver function analysis [Abers et al., 2012] . Values between the stations are interpolated using a minimum-curvature surface. observations shows good reliability of both results. At low frequencies (T > 20 s), the slow anomalies mainly locate along the projection of the Woodlark Rift axis, with the slowest region moving from west to east as period increases.
As presented in section 2, the phase velocities at short periods (10-17 s) and at long periods (20-60 s) are retrieved using different methods. The short-period phase velocities are inverted based on the straight-ray assumption, as the array aperture is not large enough to perform the Eikonal tomography. Theoretically, the straight-ray tomography can be biased by the ray-bending effect. However, Lin et al. [2009] show that this bias is fairly small (<0:3%) for short interstation distance, such as used here. The smoothness of the dispersion curves across the transition also implies that this bias is small for our data.
Shear Velocity
A large part of the shear-velocity uncertainties come from the initial model dependence of the inversion. At each pixel, 100 initial models are randomly generated to invert for shear-velocity profiles. These profiles are then averaged to provide the final result (section 2. Since the period range we use for the inversion is from 10 to 60 s, the structures shallower than 10 km and deeper than 90 km are not well constrained. In addition, the Moho depths of the initial models are constrained by the preliminary receiver-function results. A more formal inversion of receiver function waveforms using dispersion constraint is underway [Obrebski et al., 2014] . Our approach allows us to retrieve a continuous velocity volume, that incorporates the first-order Moho variability, but we do not interpret Moho depth explicitly (Figure 9 ).
Eastern D'Entrecasteaux Islands
The average shear velocity at 20 km depth is around 3.5 km/s beneath Fergusson Island and west of Normanby Island (Figure 10 ). This result agrees well with the body-wave tomography result (3.6 km/s) at 23.5 km depth derived from the travel times of local events [Ferris et al., 2006] . Such slow velocities suggest a felsic to intermediate lower-crustal composition, which matches well with the granitic intrusion associated with the metamorphic core complex unroofing observed on the DI [Ferris et al., 2006] .
The crust beneath the eastern DI is significantly thinned to $20 km, compared to the likely original thickness of 35-40 km seen at off-axis stations [Abers et al., 2002 [Abers et al., , 2012 . Mantle velocities at this location are low relative to the off-axis regions, implying that the lithosphere has been thinned. This localized crustal and lithospheric extension is likely associated with mantle upwelling, which generates temperature variation and possible partial melt in the upper mantle. The deeper mantle (>60 km) beneath this region has a shear velocity around 4.1 km/s (Figure 9a ), which is close to asthenosphere velocities beneath the youngest oceanic lithosphere [Nishimura and Forsyth, 1989; Gu et al., 2005] , where the mantle geotherm is likely controlled by adiabatic upwelling (Figure 9a ).
The upper-most mantle (25-40 km) is slightly faster, with a value ranging from 4.2 to 4.3 km/s. This fastvelocity structure is very similar to the Ethiopian Rift in the east Africa at the similar depth, where the continental lithosphere is thinned due to lateral extension, with the remaining represented by a thin fast seismic lid at the most shallow part of the mantle [Dugda et al., 2007; Keranen et al., 2009 ].
Geochemistry, Geophysics, Geosystems Figure 9b displays a typical shear-velocity structure beneath the Kiribisi Basin between Goodenough Island and the stratovolcano Mt. Victory. The preliminary receiver-function results suggest a Moho depth around 30-35 km in this region. However, these results are mainly constrained by the OBS measurements, which are not reliable due to the complexity of signals recorded, possibly due to basin reverberations. The shearvelocity model shows no significant velocity discontinuity deeper than 20 km, but displays a gradual velocity increase at shallow depths: from 3.3 km/s in the upper crust (<10 km), to 3.5 km/s at midcrustal depth (10-15 km), to 3.8 km/s in the lower crust depth (>18 km). This crustal structure is similar with the structure along the coastal area of Papua Peninsula northwest of Mt. Victory from previous seismic refraction studies [Finlayson et al., 1976 [Finlayson et al., , 1977 .
Very slow shear velocities ($4.0 km/s) are observed at shallow mantle depth from 30 to 60 km beneath this region, which is slower than the mantle beneath the DI at the same depth. Deeper than 60 km, the shear velocity increases with depth, reaching a value of 4.4 km/s at 90 km.
Papua Peninsula and Trobriand Platform
Figures 9c and 9d depict the typical shear-velocity profiles of the Papuan Peninsula and the Trobriand Platform, respectively. These two regions show a similar structure and we interpret them as representing the In the upper mantle, a fast seismic layer exists from the Moho to about 60 km depth. The lithosphere beneath the Trobriand Platform appears much faster than that beneath the Papuan Peninsula. This fast anomaly is at the edge of our array and thus poorly resolved by surface waves, but teleseismic body-wave tomography [Eilon et al., 2015] also shows a significant velocity contrast ($10%) between the Trobriand Platform and the DI at upper-mantle depths (60-120 km). The consistency between these two studies indicates that the fast velocity zone in the upper mantle beneath the Trobriand Platform may be real. Eilon et al.
[2015] also note the presence of intermediate-depth earthquakes in this region [Dieck et al., 2013] , and discuss the interpretation of the anomaly as continental lithosphere or a remnant slab fragment. Alternatively, it is possible that the velocity estimates in this portion of our model are biased high due to anisotropic mantle structure; shear-wave splitting results suggest a strong N-S fabric in this region , which corresponds to the strong northward distribution of events used for the earthquake analysis ( Figure 5 ).
Discussion
Localization of Lithospheric Extension
There are significant variations of the extension rate along the Woodlark Rift due to the plate motion geometry. A maximum of $140 km extension is required west of Goodenough Island and $200 km east of Normanby Island by the far-field plate motion in the last 6 Ma [Taylor et al., 1999; Eilon et al., 2014] . This $30% difference in extension may lead to variations in the localization of lithospheric extension along the rift.
In the eastern DI, the seismic observations from this study and previous ones [Abers et al., 2002 [Abers et al., , 2012 Eilon et al., 2015] are consistent with substantial crustal thinning and lithospheric removal. The exhumed domes, containing rocks that reached maximum pressures of $3 GPa (100 km) [e.g., Baldwin et al., 2008] , currently occupy the space of the original upper crust. Such exhumation may be associated with a strong diapiric mantle upwelling, as modeled by Ellis et al. [2011] . However, the shear-velocity profile in this region resembles a mantle structure controlled by adiabatic upwelling. Figure 9a shows the comparisons of our result to the East Pacific Rise [Gu et al., 2005] , as well as the calculated shear velocities of dry olivine using the parameterization of Jackson and Faul [2010] , with the assumptions of 1 cm grain size, 13508C potential temperature, and adiabatic geotherm extending up to the base of the crust. The slightly slower observed velocity in this study at >60 km depth compared to the predicted shear velocity of dry olivine may be caused by slightly higher potential temperature [Dalton et al., 2014] , presence of water and partial melt [Braun, 2000] , and/or smaller grain size [Jackson and Faul, 2010] .
The faster upper-most mantle lid (25-40 km) may represent the thinned remnant of the prerift continental lithosphere, perhaps thermally or compositionally modified by the rifting process [e.g., Schmeling and Wallner, 2012] . While highly extended continental crust is well documented in mature rifts [e.g., Keranen et al., 2009] and rifted margins [Shillington et al., 2006] , observations of thinned mantle lithosphere are relatively few. Dugda et al. [2007] find evidence for a thin seismic lid beneath the main Ethiopian rift, with velocities very similar to those observed here. They interpreted the lid as continental lithosphere that was thermally modified by plume impingement associated with rifting, producing velocities that are lower than in the surrounding, unextended lithosphere. There is no evidence for significant thermal perturbation prior to extension in our region, but the velocities in the lid beneath the DEI are lower than in the surrounding peninsula and Trobriand plateau (Figure 9 ). The prerift lithosphere was likely a complex m elange built up by a recent history of subduction and arc-continent collision [e.g., Webb et al., 2014; Malus a et al., 2015] , and this perhaps explains the velocity heterogeneity within the lithosphere. However, it is also plausible that the processes of lowercrustal exhumation and associated volcanism resulted in localized thermal and/or compositional modification of the extended lithosphere, similar to the case in Ethiopia.
Beneath the Kiribisi Basin, west of Goodenough Island, no clear velocity discontinuities can be observed from 10 to 60 km depth (Figure 9b ). The Kiribisi Basin is a shallow-water area with presumably thick crust extending north from the Papuan Peninsula, where a seismic refraction study estimates a crustal thickness of $25 km [Finlayson et al., 1977] . Fitz and Mann [2013] use sedimentary records to demonstrate very little ($2-10 km) upper crust extension within the Kiribisi basin since late Miocene, although faults identified on reflection seismic records sometimes underestimate crustal extension by a significant amount [Reston, 2007] .
We interpret this region as having a crust about 30 km thick (Figure 7) , with relatively fast lower crust and very slow upper mantle, so the velocity contrast between crustal and mantle rocks is small. Finlayson et al. [1977] reports the P velocity of the lower crust beneath the west Kiribisi Basin is around 6.5-7.0 km/s, which agrees well with the 3.8 km/s S velocity that we observe, assuming an approximate V p =V s ratio of 1.80 [Ferris et al., 2006] . Combined with the very low mantle shear velocities (3.9-4.1 km/s) observed in this region, the seismic expression of the Moho is minimal. The interpretation of the slow mantle velocities is discussed in the next section; in terms of lithospheric breakup, they suggest that such extension is embryonic, and has not yet significantly impacted the crustal structure.
While there is little expression of crustal thinning over thinned mantle lithosphere west of the DI, there is evidence of the extensional processes stepping southward from Goodenough Island onto the Papuan Peninsula. The basin structure southwest of Goodenough Island shows signs of recent extensional faults [Fitz and Mann, 2013] and is delineated by a band of active seismicity [Dieck et al., 2013] . The Dayman Dome massif has been interpreted to be an extensional core complex [e.g., Daczko et al., 2011] . The zone of low velocities in the mantle beneath the Kiribisi Basin clearly do not correlate with the trend or locations of these structures. The crustal thickness within the transfer basin southwest of Goodenough Island cannot be well resolved, but stations near Dayman Dome show no evidence of thinned crust in either receiver functions [Abers et al., 2012; Obrebski et al., 2014] or surface-wave velocities.
Upper Mantle Structure of the Kiribisi Basin
One of the most interesting observations of this study is the extremely slow anomaly ($4.0 km/s) at upper mantle depth beneath the Kiribisi Basin, near 9.48S, 149.98E, west of Goodenough Island (e.g., 30-60 km depth, Figure 11 ). Several mechanisms can affect shear velocity in the upper mantle, including temperature variation, composition, and existence of partial melt. Here we present two possible interpretations of this observation.
The first interpretation is based on the notion that the slow anomaly is generated by temperature variation and partial melt. Assuming that body-wave P-velocity anomalies are controlled entirely by temperature, Abers et al. [2002] suggest a 300-7008C temperature difference in the uppermost mantle beneath the eastern DI compared to the surrounding continental lithosphere. Eilon et al. [2015] infer a large thermal gradient (up to 7008C difference) at 90 km depth beneath the western DI and the fast seismogenic structure to the northwest, based on body-wave tomography and local seismicity. At 30-60 km depth, the shear velocity in the western Kiribisi Basin is 0.2-0.3 km/s slower than the upper mantle beneath the eastern DI ( Figure 11 ). This is surprising because of the smaller amount of extension in the west. If we try to explain this velocity contrast by purely thermal variation of melt-free dry olivine, it would imply temperatures around 100-2008C higher than the adiabatic temperature at 30-60 km depth, based on the approach of Jackson and Faul [2010] , and assuming a constant grain size of 1 cm.
For a peridotitic mantle, velocities this low at this depth imply the presence of melt. The presence of water (perhaps emplaced during the long history of subduction in the region) could combine with temperature to lower velocities, but the degree of water necessary would lower the melting temperature such that melting would be induced in this regime as well. It is difficult to determine the abundance of partial melt just by isotropic shear velocity alone, because the melt distribution has great effect on shear velocity and anisotropy [Bastow et al., 2010] . Most studies suggest 2-10% of shear-velocity reduction for each percent of partial melt [e.g., Takei, 2002; Hammond and Humphreys, 2000; Takei and Holtzman, 2009] , which is more than enough to explain our observation without much temperature variation.
Why the mantle beneath the less-extended Kiribisi Basin is slower relative to the extended region beneath the DI is unclear. One possible interpretation is that, in the west, the slower and less localized extension near the surface, together with the unthinned continental crust, inhibits melt extraction, and facilitates partial-melt accumulation in the upper mantle. This phenomenon has been proposed in mid-ocean ridge environments where melt production outpaces melt extraction [e. and thus high temperatures at larger depth (>90 km) beneath this region, and thus mantle upwelling may be inducing melting that shallow extension has yet to tap.
In the east, on the other hand, the crustal thinning [Abers et al., 2002] , dike intrusion [e.g., Little et al., 2011] , and local volcanism [e.g., Smith, 1976; Baldwin et al., 2012] on the DI facilitate melt extraction and cooling of the upper mantle. Furthermore, the eastern DI are within 100 km of the Woodlark spreading center tip. Melt extraction associated with building modern oceanic crust may induce an eastward melt propagation, which also helps to generate a E-W gradient of melt abundance in the upper mantle between the eastern DI and the Kiribisi Basin.
The alternative interpretation of the slow anomaly is based on a possible compositional difference. The gneiss domes that form the DI contain a significant amount of felsic material, some of which was subducted to the depth of $100 km prior to exhumation [e.g., Baldwin et al., 2008; Little et al., 2011] . The U-Pb zircon geochronologic analysis from the Fergusson Island samples yields an exhumation history that suggests the UHP metamorphic eclogites stalled beneath the crust for $1 Ma, before they were finally exhumed to the surface [Gordon et al., 2012] . Meanwhile, the exhumation propagates to the west, as shown by a westward younging of the 40 Ar/ 39 Ar cooling ages of the HP samples within the DI [Baldwin et al., 1993] . These observations suggest the possible presence of felsic, crustal materials in the mantle west of Goodenough Island. This material would have been emplaced through the same (likely subduction-related) process that produced the DI UHP facies, but it has not yet been exhumed.
We evaluate whether a mix of crustal and mantle rocks can explain the slower upper mantle (30-60 km) shear velocity beneath the Kiribisi Basin compared to the eastern DI, where the UHP rocks have been exhumed. Brownlee et al. [2011] investigate the samples collected from the DI, and estimate their seismic velocities at depth. Based on their calculation, the quartzofeldspathic gneiss, which is the dominant composition of the gneiss domes, has a shear velocity of $3.7 km/s at the depth of 30-60 km, assuming a temperature of 7008C. The shear velocity of melt-free olivine at the same P-T condition is 4.6 km/s if 1 cm grain size is assumed [Jackson and Faul, 2010] . The average shear velocity we observed in the upper-most mantle beneath the Kiribisi Basin is around 4.0 km/s. In order to achieve this value, about 62% of the mantle volume should be occupied by quartzofeldspathic gneiss (using a Voigt-Reuss-Hill average).
This tectonic setup is similar to the numerical diapir model of Ellis et al. [2011] . However, the model requires a 22 km radius subducted crustal body that is mostly made of gneiss, and consists of roughly 10-20% partial melt during exhumation. These conditions would lead to a shear-velocity value much slower than our observation. While the limited resolution of surface-wave tomography [Bodin and Maupin, 2008] allows for small partial-melt crustal bodies at upper mantle depth, the size must be much smaller than that modeled by Ellis et al. [2011] . Further modeling studies are needed to determine the conditions under which a mixed felsic-mafic body at depth would provide sufficient buoyancy to drive exhumation, while still meeting the constraints of seismic observations.
Conclusion
We retrieve a 3-D shear-velocity model in the area near the D'Entrecasteaux Islands, Papua New Guinea using both ambient noise and earthquake Rayleigh-wave phase-velocity measurements.
The results suggest a localized upper-mantle extension along the Woodlark Rift axis, which favors the exhumation of the UHP rocks exposed on the DI. In the eastern DI, the deeper velocity structure (>50 km) is close to the prediction of an adiabatic upwelling mantle, with a slightly faster shallow mantle that may be associated with the extended continental lithosphere. There is no evidence of an ultraslow diapir-like structure presently beneath the DI.
We discover the shallow mantle beneath the Kiribisi Basin west of the DI is slower than the mantle beneath the more extended eastern DI at the same depth. We provide two possible interpretations of this observation: more partial melt accumulates in the west because of the less melt extraction; and/or there are unexhumed felsic crustal material at mantle depth, mixed with peridotitic mantle west of the DI. In either scenario, the degree of partial melt is modest. This low-velocity anomaly is spatially decoupled from the surface expression of extension west of the DI, which occurs tens of kilometer south on the Papuan Peninsula.
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